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The INBIS (Interfan Bear Island and Storfjorden) Channel System is a rare example of a deep-sea channel on a 14 
glaciated margin. The system is located between two Trough Mouth Fans (TMFs) on the continental slope of the 15 
NW Barents Sea: the Bear Island and the Storfjorden-Kveithola TMFs. New bathymetric data in the upper part 16 
of this channel system shows a series of gullies that incise the shelf break and minor tributary channels on the 17 
upper part of the continental slope. These gullies and channels appears far more developed than those on the rest 18 
of the NW Barents Sea margin, increasing in size downslope and eventually merging into the INBIS Channel. 19 
Morphological evidence suggests that the Northern part of the INBIS Channel System preserved its original 20 
morphology over the Last Glacial Maximum (LGM), whereas the Southern part experienced the emplacement 21 
of mass-transport glacigenic debris that obliterated the original morphology. Radiometric analyses were applied 22 
on two sediment cores to estimate the recent (~ 110 years) sedimentation rates. Furthermore, analysis of grain 23 
size characteristics and sediment composition of two cores shows evidence of turbidity currents. We associate 24 
these turbidity currents with density-driven plumes, linked to the release of meltwater at the ice-sheet grounding 25 
line, cascading down the slope. This type of density current would contribute to the erosion and/ or preservation 26 
of the gullies’ morphologies during the present interglacial. We infer that Bear Island and the shallow 27 
morphology around it prevented the flow of ice streams to the shelf edge in this area, working as a pin (fastener) 28 
for the surrounding ice and allowing for the development of the INBIS Channel System on the inter-ice stream 29 
part of the slope. The INBIS Channel System was protected from the burial by high rates of ice-stream derived 30 
sedimentation and only partially affected by the local emplacement of glacial debris, which instead dominated 31 
on the neighbouring TMF systems. 32 
1. Introduction 33 
Reconstruction of paleo-ice stream behaviour on a high-latitude glaciated continental margin is possible through 34 
the analysis of the associated characteristic features in the sedimentological and geomorphological record 35 
(Stokes & Clark, 2001). The most prominent features related to the activity of ice streams are the Trough Mouth 36 
Fans (TMFs). These are prograding fan-shaped sediment wedges are formed by glacigenic debris flows 37 
discharged by paleo-ice streams (Vorren et al., 1989). Gullies are small V-shaped erosional features that dissect 38 
the shelf edge and upper continental slope (Noormets et al., 2009; Gales et al., 2013). On high-latitude margins, 39 
potential gully-forming erosive mechanisms are: sediment-laden subglacial meltwater, discharged from the ice 40 




































































et al., 2016; Zecchin et al., 2016); dense bottom waters produced through sea-ice formation and brine rejection 42 
(Vorren et al., 1998); turbidity currents (Fohrmann et al., 1998); iceberg scouring (Dowdeswell & Bamber, 43 
2007); and glacigenic sediment flows (Dowdeswell et al., 1998, 2002). If the processes responsible for the 44 
formation of gullies are persistent over time and/or increase in intensity, they can lead to the formation of 45 
canyon-channel systems. These are larger net erosional to net depositional features that dissect the shelf edge 46 
and extend across the seafloor from the continental shelf into the deep ocean (Normark & Carlson, 2003; 47 
Canals et al., 2004; Amblas et al., 2006, 2012; Harris & Whiteway, 2011). The downslope part of these systems 48 
can eventually evolve into U-shaped, lower-relief channels across the lower continental slope and beyond 49 
(Shepard & Emery, 1941; Normark et al., 1993).  50 
It is important to study underwater channel systems as they are the preferred route for the offshore transport of 51 
sediment, nutrients and dense water masses. These systems are effectively carved by dense water and sediment-52 
gravity flows, delivering material from the shelf edge to the deep sea, particularly during sea-level low stand 53 
periods (Harris & Whiteway, 2011). Therefore, the presence and the morphology of a channel system affect the 54 
growth and the evolution of the continental margin and vice versa. On presently or formerly glaciated 55 
continental margins the development of channel systems, aside from TMFs, is attributed to several mechanisms 56 
related to the cycles of advances and retreats of past ice sheets. Therefore, the study of high-latitude channel 57 
systems could lead to a better understanding of the dynamics of ice build-up and retreat and associated 58 
glacigenic sediment transport during these periods. Moreover, the study of high-resolution data is essential to 59 
increase our understanding on the spatial and temporal variability of glacimarine processes operating on high-60 
latitude margins (e.g. Ó Cofaigh et al., 2013). In fact, a marked lateral sedimentary variability of sedimentary 61 
processes due to local physiography and hydrodynamics has been highlighted for this study area by Zecchin et 62 
al., 2018. 63 
The aim of this paper is to increase our understanding on the development of this part of the continental margin 64 
during the late Quaternary. To achieve this aim we will; 1) study the morphology and the bathymetry of the 65 
INBIS Channel System; 2) assess the role of down-slope and along-slope processes in the channel system 66 
evolution; 3) identify the genetic mechanisms of the INBIS Channel System and its interactions with the nearby 67 
TMF systems.   68 




































































Several studies have been conducted in order to reconstruct the timing and dynamics of the deglaciation of the 70 
NW Barents Sea and western Svalbard continental margins after the LGM (Hyvärinen, 1968; Elverhøi et al., 71 
1995; Salvigsen & Slettemark, 1995; Wohlfarth et al., 1995; Rasmussen et al., 2007; Jessen et al., 2010; 72 
Rebesco et al., 2011, 2014; Rüther et al., 2011). Although the dynamics and exact timing of the deglaciation are 73 
still a matter of debate, there is agreement that the glacial retreat started in the deeper troughs due to the 74 
influence of ocean warming and sea-level rise (Jones & Keigwin, 1988; Landvik et al., 1998; Winsborrow et al., 75 
2010; Rüther et al., 2012). The Last Glacial Maximum (LGM) in the area of the NW Barents Sea occurred 76 
around 23-19 ka, with the maximum ice extent reached at around 21.5 ka (Patton et al., 2015). At that time the 77 
Barents Sea Ice Sheet extended to the shelf edge of the western Barents Sea margin with areas of fast-flowing 78 
ice streams in the troughs and slower-flowing ice on the shallower banks (Vorren & Laberg, 1996). The onset of 79 
the deglaciation is inferred to have begun around 20-19 ka in the outermost part of west Spitsbergenbanken 80 
(Elverhøi et al., 1995; Rasmussen et al., 2007) and in the Kveithola Trough (Pedrosa et al., 2011; Rebesco et 81 
al., 2011, 2016; Lucchi et al., 2013). The deglaciation occurred as an alternation of rapid retreats, still stand 82 
periods and/or re-advances (Rasmussen et al., 2007; Pedrosa et al., 2011; Rebesco et al., 2011, 2016; 83 
Bjarnadottir et al., 2013, 2017; Rüther et al., 2012). In the Bear Island Trough, the ice stream started its retreat 84 
around 19.5 ka (Patton et al., 2017). However, it is inferred to have re-advanced hundreds of kilometres toward 85 
the shelf break at least three times before 17.8 ka (Patton et al., 2017) and at around 17.1 ka (Rüther et al., 86 
2011) before starting its final, stepwise retreat (Winsborrow et al., 2010; Andreassen et al., 2014, 2016). In the 87 
final stages, the combination of abrupt sea-level rise and ocean warming triggered a retreat of 145 km in 700 88 
years, followed by the final decay of the ice stream by 13 ka (Petrini et al., 2018). The Bear Island (Bjørnøya), 89 
located between the Storfjorden and Bear Island Troughs, was ice-free at 11.2 cal. ka BP (Wohlfarth et al., 90 
1995). 91 
There are few systematic studies of channel systems on glaciated continental margins. A channel system on the 92 
East Greenland continental margin, in front of the Kaiser Franz Joseph Fjord, is inferred to be the oldest channel 93 
in the Norwegian – Greenland Sea (Mienert et al., 1993; Dowdeswell et al., 2002; Ó Cofaigh et al., 2004; 94 
Wilken & Mienert, 2006; García et al., 2016; Peakall et al., 2012). The start of the formation of this channel is 95 
dated to around 2.5 Ma (Wilken & Mienert, 2006). It originates at a water depth of about 1500 m on the 96 
continental slope, crosses glacigenic debris flow deposits located on the lower part of the slope and extends 97 
north-east for 500 kilometres, terminating in the Greenland Basin at a water depth of 3700 m (Wilken & 98 




































































by the eastern Greenland Ice Sheet. Along the Norwegian and Svalbard continental margin, channel systems are 100 
less developed compared to the East Greenland continental margin (Wilken & Mienert, 2006). So far, three large 101 
deep-sea channel systems have been described: the Lofoten Basin Channel System (Dowdeswell et al., 1996; 102 
Vorren et al., 1998; Rise et al., 2013), formed by the 30 km long Andøya Canyon and its continuation, a 300 km 103 
long channel located in the SE Lofoten Basin, reaching a water depth of 3000 m (Laberg et al., 2007; Amundsen 104 
et al., 2015); the Kongsfjorden Channel System (Forwick et al., 2015), a ~120 km long channel system located 105 
on the continental slope off northwest Svalbard, between water depths of ~250-4000 m; and the INBIS Channel 106 
System (Vorren et al., 1998; Vorren & Laberg, 2001) located on the continental slope west of Bear Island (NW 107 
Barents Sea) (Fig. 1).  108 
The INBIS Channel is a 60 km long and 5-15 km wide, nearly flat-bottomed east-west oriented channel, located 109 
between water depths of ~2350 – 2520 m (Fig. 2). Vorren et al. (1998) attributes the formation of the INBIS 110 
Channel to density-driven currents descending the southern flank of the Storfjorden TMF, the northern flank of 111 
the Bear Island TMF and the inter-TMF area between these two TMFs. At that time, no bathymetry data were 112 
available to show the large influence of the Kveithola TMF on the location of the INBIS Channel System. Core 113 
analysis (GK 23257 in Vorren et al., 1998) suggests that these density-driven currents were active mainly during 114 
glaciations. The origin of these density-driven currents is attributed to dense water formed by cooling under sea-115 
ice formation with brine rejection, or to turbidity currents generated from small landslides on the upper slope. 116 
The INBIS Channel is partially infilled by glacigenic debris flows, which reached their main activity during 117 
glacial maxima (Vorren & Laberg, 1996; Vorren et al., 1998).   118 
3 Data and Methods 119 
Data acquisition was carried out during four main oceanographic cruises: the EGLACOM (Evolution of a 120 
GLacial Arctic COntinental Margin, July-August 2008) and the DEGLABAR (DEGLAciation History of the 121 
North-Western BARents Sea from Sediments Generated by Paleo-Ice Streams Deglaciation history of the NW 122 
BARents Sea, September 2015) cruises, both on board the Italian R/V OGS Explora; the CORIBAR (CORIng in 123 
the NW BARents Sea, July-August 2013) cruise on board the German R/V Maria S. Merian; and the HN17 124 
(High North 17, July 2017) cruise on board the NATO-MMI R/V Alliance. Swath bathymetry data were  125 
acquired during the main four cruises (see Table 1), and three box-cores were collected in the INBIS Channel 126 




































































addition, a minor part of Swath bathymetry data was acquired during the SVAIS (Camerlenghi et al., 2007) and 128 
GlaciBar (Andreassen et al., 2009) cruises. 129 
3.1 Swath bathymetry 130 
The swath bathymetry data collected during the EGLACOM and DEGLABAR cruises were acquired using 131 
Multibeam Echosounders (MBES) Reson MB8111 – MB8150 and Reson MB8111 – MB7150, respectively. 132 
During the CORIBAR cruise the swath bathymetry data was collected with Kongsberg EM1002 and EM 122 133 
MBES, whereas the MBES Kongsberg EM 302 was used during the HN17 cruise. All systems used were hull-134 
mounted and had a swath of 150°. 135 
The acquired data were processed using PDS2000 and CARIS. The processed data were merged into one dataset 136 
with a cell size of 30 m. During the last days of the DEGLABAR cruise, rough weather conditions affected the 137 
acquisition of bathymetric data, resulting in considerably lower data quality in the southernmost part of the 138 
INBIS Channel System.  139 
3.2 Ground truthing 140 
Ground truthing was performed at three sites using a box corer assembled with a box sized 30x20x50 cm, 141 
working with a 125 kg weighted head. The sediment box was sub-sampled with plastic liners for shore-based 142 
analyses. Each sediment core was logged visually (sediment colour code according to the Munsell Colour Chart) 143 
and by X-radiography. Physical properties were measured at 1-cm resolution with a multi-sensor core logger (P-144 
wave velocity, wet bulk density, and loop sensor magnetic susceptibility). Qualitative element-geochemical 145 
measurements were performed with an Avaatech X-ray fluorescence (XRF) core scanner for light (10 kV) and 146 
heavy (30 kV) elements at 1-cm resolution.  The results of the XRF core scanning are presented as calcium vs 147 
titanium ratio (Ca/Ti), giving indication of biological carbonate versus terrigenous sediment input (e.g. 148 
Croudace et al., 2006). Following Wang et al. (2011) and Caricchi et al. (2018), the zirconium vs rubidium 149 
ratio (Zr/Rb) was used as a qualitative indicator of the grain size characteristics as Zr is usually contained in 150 
sand-sized sediment, whereas Rb is an element that is typically contained in clay minerals (c.f. Wang et al. 151 
2011; Caricchi et al. 2018). 152 




































































Sediment cores HN17-07BC2 and HN17-08BC3 (Fig. 4) were sliced at 1 cm resolution for Gamma ray 154 
spectrometry analyses carried out at ENEA Marine Environment Research Centre La Spezia (Italy), according 155 
to the methods described by Delbono et al. (2016).  156 
210Pbxs and 137Cs activities are measured in Bq kg-1 sediment dry weight. 210Pb dating method has been widely 157 
used for establishing geochronology in marine sediments, so that Sediment Accumulation Rate (SAR, cm y-1) 158 
can be estimated, on time scales of ~110 years, compatible with 210Pb physical half-life (Appleby et al., 1979; 159 
Koide et al., 1972; Robbins et al., 1978; Sanchez-Cabeza and Ruiz-Fernández, 2012). Among the typically used 160 
dating models based on 210Pbxs profiles, in this paper we apply the CRS model that assumes a Constant Rate of 161 
Supply of 210Pbxs (Appleby and Oldfield, 1978). The downcore 137Cs activity profiles are often used as an 162 
independent validation of 210Pb dating models (Smith, 2001), since they provide a similar clock with some well-163 
defined temporal features such as the 1963 fallout peak (associated to nuclear bomb testing) and the 1986 164 
Chernobyl peak (Carroll and Lerche, 2003; Robbins and Edgington, 1975).  165 
4 Results 166 
The studied area of the INBIS Channel System is divided into three morphological areas: 1) the upper reaches of 167 
the channel, 2) the northern and 3) southern sectors of the middle slope (Fig. 3). 168 
4.1 The upper reaches of the INBIS Channel System 169 
The upper reaches of the INBIS Channel System have an amphitheatre shape extending from the Kveithola to 170 
the Bear Island TMFs (Fig. 2) for ca. 60 km. This gully-dominated part extends from the shelf edge, at a depth 171 
of ca. 420 m to a water depth ranging from 700 m in the north of the amphitheatre to 1100 m in the south. 172 
Further downslope the INBIS Channel System develops into a channel-dominated part. Along the upper reaches 173 
it is possible to identify 40 gullies with an average axial dip of 4° to 5°. The gullies are characterized by an 174 
overall V-shape (Fig. 5), with widths varying from 150 to 600 m, and incision depths varying from 10 to 60 m. 175 
The gullies originate at the shelf edge, with a lateral spacing of 450 m to 950 m in the northern area, increasing 176 
to approximately 2 km in the southern area (Fig. 3). The depth-to-width ratio of the incision is ca. 1/10. The 177 
bottom of the gullies is moderately smooth in the area close to the shelf break, with water depths varying 178 
between 420-750 m, becoming slightly rougher at water depths of ca. 800-900 m (Fig. 6, profile A). Levees are 179 




































































On the shelf west of Bear Island, at a distance of 2 and 5 km from the shelf edge two curved ridges are present 181 
(Fig. 2). These ridges are about 2-3 km wide and a few tens of metres high, extending from the Kveithola 182 
Trough to the Bear Island Trough for ~100 km. These ridges are parallel and close to the shelf break in front of 183 
Bear Island, while more to the south they become more distant and more oblique with respect to the shelf break 184 
and subparallel to the Bear Island Trough flowlines. 185 
4.2 The northern part of the middle slope  186 
The gradient of the middle slope in the northern part of the channel system is ~1°-2° (Fig. 3). This area hosts 23 187 
of the 40 gullies present on the upper reaches. The gullies display symmetrical, V-shaped cross sections (Fig. 5), 188 
with a depth/width ratio of ca. 1/10, and variable sinuosity. The gullies converge downslope into larger 189 
channels, at water depths of 750-1000 m. At these depths, the channels are characterized by U-shaped cross 190 
profiles (Fig. 5) with widths varying between 600 and 2200 m, and incision depths of 30 to 150 m. Both incision 191 
depth and width increase downslope, while the thalweg of the channels become gradually rougher (Fig. 6). The 192 
ratio between incision depth and width decreases to around 1/20 with increasing water depth (Fig. 5). The inter-193 
channel width is highly variable, ranging from hundreds of metres to a maximum of about 5 km (Fig. 3). Small 194 
levees were observed on the northern flank of some channels. The northernmost of these channels, which marks 195 
the northern limit of the INBIS channel system, has the shallowest incision depth (only a few metres), and its 196 
profile is highly asymmetric at a water depth of around 1200 m, with a lower gradient on the northern flank 197 
(Fig. 5). This channel merges downslope with three channels at a water depth of around 1600 m and eventually 198 
reaches the main channel (described further below) at a water depth of around 1820-1850 m (Fig. 3). 199 
The other channels observed in the northern middle slope converge at water depth varying between 1250-1600 200 
m and eventually merge into one at a water depth of around 1600 m.  201 
The main channel (resulting from the merging of the channels in both the northern and southern middle slopes) 202 
starts at a water depth of around 1800 m and its axis is E-W oriented. The shallower channel leading to it is 203 
about 1000 m wide until around 1850 m water depth (Fig. 3) where its width increases rapidly up to 2500 m and 204 
where its incision depth increases from 30 m to 150 m (Fig. 3). The surface of the thalweg is relatively flat in 205 
the shallower portions of the channel, and becomes increasingly rough in the deeper part (Fig. 6). The cross-206 
channel profiles of the channel are relatively smooth and symmetric in the upper part, while they become 207 
progressively more asymmetric below 1150 m water depth, with a steeper gradient characterizing the northern 208 




































































meters high levees (Fig. 5, profiles D and F), whereas between water depths of 1200 and 1450 m the channel is 210 
bordered to the north by a slightly upward convex sedimentary body, with a variable vertical relief of 5-10 211 
metres and a width of about 4 km. The lower part of the Bear Island TMF (Fig. 2, 3) affects the orientation of 212 
the main channel around 1800 m water depth, forcing it into a WNW direction.  213 
4.3 The southern part of the middle slope 214 
The southern part of the INBIS Channel System extends to a depth of about 1800 m (Fig. 3). The gradient of the 215 
slope is, in general, lower with respect to the northern area, with an average slope of about 1°. Here 17 of the 216 
gullies observed in the upper reaches converge. The southernmost 5 gullies continue beyond the data coverage, 217 
while the remaining 12 gullies merge into three U-shaped channels. The southern one is the most prominent, 218 
with a width ranging from 1150 to 2500 m and an incision depth of 40-60 m (Fig. 5, N). The other two channels 219 
are slightly smaller, and characterized by widths varying between 900-1100 m and incision depths ranging 220 
between 30 m and 50 m. These two channels partially braid between the water depths of 1450 m and 1700 m 221 
(Fig. 3). 222 
4.4 Sedimentological characteristics and chronology of sub-surface sediments 223 
Core HN17-06BC1 recovered in the southern area of the INBIS Channel System, on the outer shelf close to the 224 
southernmost recognized gully (Fig. 3), recovered only a smear of terrigenous/detritic sand with pebbles and 225 
cobbles. A first attempt of coring at this site failed to recover any sediment. Hull-mounted Acoustic Doppler 226 
Current Profiler (ADCP) measurements of the local oceanographic configuration indicated the presence of 227 
northward flowing bottom currents on the outer shelf with a speed exceeding 40 cm/s (Ivaldi et al., 2017). The 228 
presence of a coarse grained, pebbly substrate combined with strong bottom currents prevented sediment 229 
sampling at this site. 230 
Core HN17-07BC2, retrieved from the upper part of the slope (Fig. 3), contains about 6 cm of dark olive gray 231 
(Munsell 5y 3/2) fine to medium sand overlying very dark grey (Munsell 5y 3/1) layered silt (6–13 cm bsf) and 232 
silty-clay (13–15 cm bsf) sediments. The contact between the upper two lithological units is irregular, possibly 233 
erosive. The composition of the uppermost sand is mixed, with the terrigenous fraction mainly composed of 234 
rock fragments (detritic till) and the biogenic fraction composed of shelf derived, redeposited bioclasts. The  235 
relatively high Ca/Ti ratio and low magnetic susceptibility (Fig. 4) support the presence of bioclast-rich sands in 236 




































































210Pbxs profile in this core appears affected by mixing in the upper 5-6 cm bsf. as indicated by the relatively 238 
constant 210Pbxs profile with values around 60 ± 12 Bq kg-1, instead of a typical exponentially down-core 239 
decreasing profile. Below 6-7 cm bsf to the core bottom, the mean 210Pbxs  activity is close to zero (4 ± 3 Bq kg-240 
1), although it never decays to zero value. Such a trend, coherent in both 210Pbxs and 137Cs activity profiles, 241 
indicates the presence of post-depositional processes acting on the whole sediment core (i.e. biological and/or 242 
mechanical mixing such as anthropogenic fishing activity). Therefore, standard 210Pbxs dating models are not 243 
applicable for this core. However, the presence of 210Pbxs through the whole core indicates sediment layers 244 
younger than ~110 years. 245 
Core HN17-08BC3, recovered on the outer shelf, in the uppermost 4 cm contains coarse sand (Munsell 2.5y 3/2) 246 
with scattered pebbles and cobbles overlaying a sharp, irregular base. Between 4–14 cm, there is a normally 247 
graded interval formed at the base by faintly laminated sand to silt (Munsell 2.5y 4/3) and mottled clayey 248 
sediments at the top (Munsell 5y 4/2). The normally graded unit overlays, with a sharp-irregular contact, deeper 249 
fine grained mud sediments located at the base of the core (14–17 cm bsf, Munsell 5y 3/2). The composition of 250 
the sands at the top is mainly terrigenous/detritic. The scarce biogenic fraction is mainly of shelf provenance 251 
(e.g. bryozoa), with pristine shells of pteropods associated to pelagic deposition. The rest of the sedimentary 252 
sequence is terrigenous as also indicated by the very low Ca/Ti ratio and higher magnetic susceptibility. The 253 
normally graded interval described between 4-14 cm bsf can be also depicted by the trend of the Zr/Rb ratio 254 
(Fig. 4). The 210Pbxs activity profile in core HN17-08BC3 is characterized by a typical exponentially down-core 255 
decrease with a well-defined 210Pbxs zero value below 8-9 cm bsf. Applying the CRS dating model, the mean 256 
value of Sediment Accumulation Rate (SAR) is 0.06 ± 0.02 cm y-1. In this core the 137Cs down-core profile 257 
cannot be used as independent parameter to validate 210Pb dating profile, as 137Cs activities are too close to the 258 
minimum detection limit and post-depositional processes cannot be ruled out. For this reason the above SAR 259 
value should be considered as a maximum. Notwithstanding, the HN17-08BC3 SAR value is in agreement with 260 
SAR values determined in the adjacent Kveithola TMF (Caricchi et al. 2018). 261 
5 Discussion 262 
5.1 Morphology and depositional areas of the INBIS Channel System  263 
On the basis of the slope gradient we distinguished two main morphological areas in the INBIS Channel System 264 
that, in turn, are characterized by different depositional processes: the upper reaches, which extends from the 265 




































































In the upper reaches, along the upper slope of the INBIS Channel System, the presence of predominantly V-267 
shaped gullies of similar size and regular spacing, with rarely developed levees, is associated with fast processes 268 
of flow bypass and erosion responsible for down-slope sediment transport. The presence in the mid-slope 269 
channel area of scarcely developed levees of small dimensions suggest that in this part of the INBIS Channel 270 
System downslope sediment transport was restricted to the gullies’ thalweg with occasional over spilling. 271 
Bypass processes in the area might be related to the density-driven currents as the primary formation mechanism 272 
of the INBIS Channel (e.g. Vorren et al., 1998). Such types of density-driven currents descending the southern 273 
flank of the Storfjorden TMF, the northern flank of the Bear Island TMF and the inter-fan area in front of 274 
Kveithola TMF were active mainly during glaciations. The origin of these density-driven currents has been 275 
previously attributed to dense water formed by cooling and brine rejection during sea-ice formation and/or to 276 
turbidity currents generated from small landslides on the upper slope (Vorren et al., 1998; Forwick et al., 2015). 277 
The gullies grow in dimension down the slope and develop into U-shaped channels (Fig. 5) with progressively 278 
increasing rougher bases (Fig. 6). Gully growth might be related to intensification of erosion as a consequence 279 
of the gullies/channels coalescence combined with a decrease in slope gradient. In the upper gully-dominated 280 
part of the slope, the gradient is up to 5°, with consistent erosive processes determining V-shaped incisions. 281 
Further downslope the gradient decreases down to 1° – 2 and the gullies evolve into wider, U-shaped channels. 282 
Similar V-shaped gullies on steep TMF slopes in both Arctic (e.g. Rydningen et al., 2015) and Antarctic (e.g. 283 
Noormets et al., 2009) continental margins have been related to erosion by gravity-driven processes such as 284 
high-energy, dense subglacial meltwaters occurring during deglaciation (e.g. Lucchi et al., 2012, 2013; Gales et 285 
al., 2013; Melis et al., 2018).  286 
However, meltwaters are not the only flows that may have contributed to the formation of this upslope part of 287 
the INBIS Channel System. During glacial maxima, sediments accumulate beyond the shelf edge, transported 288 
and deposited by the ice streams. The collapse of these glacigenic sediment accumulations produces debris 289 
flows (e.g. Vorren et al., 1998; Laberg & Vorren, 1995, 1996, 2000;). The INBIS Channel is marginally infilled 290 
by glacigenic debris flows, which were most abundant during glacial maxima (Laberg & Vorren, 1995). 291 
We infer that the two curved ridges at 2 and 5 km from the shelf edge (Fig. 2) described in Section 4.1 are shelf-292 
edge moraines, subglacial landforms located in areas of slow-moving ice, similar to those observed west of the 293 
Lofoten Islands on the western Norwegian margin (Vorren et al., 2015; Batchelor and Dowdeswell, 2015; 294 




































































zones between fast-flowing ice (ice streams) and slower-flowing ice (or absence of ice), similar to those 296 
observed in the Vestfjorden Trough by Ottesen et al. (2005).  297 
In the middle slope of the INBIS Channel System, from about 1000 m water depth, the gullies merge into 298 
channels. The flows originating the upper-slope gullies are funnelled through the centre of the area, and as a 299 
consequence the larger channel forms. We infer that the merging of a large number of gullies into fewer 300 
channels along with the gradient decrease may cause changes in the nature of the flows, causing irregular 301 
erosion, similar to that observed in the Kongsfjorden Channel System by Forwick et al. (2015). As a 302 
consequence, in the deeper part of these channels the bottom roughness increases. Also the appearance of levees 303 
suggests that the energy of the flows is sufficient to overtop the channels flanks. 304 
Most of the other gullies/channels eventually converge downslope, and several processes probably led to the 305 
asymmetry of the flanks here. First, due to the decreasing energy of the flows as a consequence of lower slope 306 
gradient, the finest component of the sediment load is delayed and deflected to the right by the Coriolis force. 307 
This produces overbank accumulations (levees) on the right (northern) flank of the main channel, similarly to 308 
those reported for the lower INBIS Channel by Vorren et al. (1998). Secondly, the northward-flowing West 309 
Spitsbergen Current (WSC) may prevent sediments from settling on the southern side of the channels in this part 310 
of the INBIS channel system, supporting deflection of the suspended sediment to the right of the channel and the 311 
deposition of sediments on the northern side.  312 
5.2 Reconstruction of the geological history of the INBIS Channel System  313 
The morphogenetic analysis of the INBIS Channel System led to the identification of two main domains that 314 
have undergone different geological evolution. 315 
The Northern area (northern upper reaches and slope), characterized by sharp/pristine erosive structures, is the 316 
area that possibly never experienced the arrival of massive, glacigenic debris flows. Such a type of morphology 317 
can instead be compared with the canyon systems that typically dissect mid- and low-latitude margins (e.g. 318 
Hudson Trough, Mosher et al., 2017) derived from river-incision on shelf sediments and erosion during low sea-319 
level stands, associated turbidity flows, and internal tide waves/currents. We believe the Northern area of the 320 
INBIS Channel System developed through the funnelling of low-medium density flows, i.e.: turbidity currents 321 
(Fohrmann et al., 1998) delivered during glacial times and early deglaciation; and plumes linked to the release 322 




































































Lucchi et al., 2013; Llopart et al., 2016; Zecchin et al., 2016); currents related to high salinity cold waters 324 
(brine) originating from rejection during sea-ice formation (the latter process was already suggested by Vorren 325 
et al., 1998). Furthermore, Fohrmann et al. (1998) indicated that consistent slope erosion presently occur by 326 
means of mixed brine and suspended bottom sediments that generate powerful turbidity currents (so called TS-327 
turbidites). In support to this, we found evidence of turbidity currents and deposition in the studied upper slope 328 
cores HN17-07BC2 (laminated sediments), and core HN17-08BC3 (normally graded deposits). In agreement 329 
with the sedimentary facies described along the neighbouring Kveithola outer trough (Lantzsch et al., 2017), the 330 
shelf edge of the INBIS Channel area appears presently swept by strong bottom currents (possibly the 331 
northwards flowing West Spitsbergen Current). Such currents are responsible for deposition of the medium-332 
grained sands and pebbles lag deposit recovered at the top of cores HN17-07BC2 and HN17-08BC3, possibly 333 
preventing sampling at site HN17-06BC1. This is supported also by the very low mean Sediment Accumulation 334 
Rate (0.06 ± 0.02 cm y-1), calculated at station HN17-08BC3 for the last century.  335 
Similar to the diversion of ice around topographic highs observed by Knight et al., 2017 on the Greenland ice 336 
sheet, we infer that the advances of the ice sheet, and in particular the ice streams in the studied area, were 337 
partially diverted by the presence of Bear Island, preventing the formation of a continuum between the 338 
Kveithola and the Bear Island TMFs. It is plausible that a local ice cap around Bear Island had already 339 
developed before the surrounding ice streams reached the shelf break. We infer that when the SBKIS reached 340 
this part of the margin, Bear Island worked as a pin (fastener) for the surrounding ice. The fast ice streams of 341 
Bear Island and Kveithola diverged around Bear Island and flowed in the troughs (e.g. Knies et al., 1999; 342 
Dowdeswell et al., 2002; Rebesco et al, 2011, 2014; Lucchi et al., 2013) (Fig. 7b), creating west of Bear Island 343 
an inter-ice stream region of slower-flowing ice . We infer that the maximum extent of the local ice cap around 344 
Bear Island is marked by the outermost of the ridges described in 4.1 (Fig. 2 and Fig. 7c).  345 
The hypothesis that the SBKIS did not reach the shelf edge in this part of the margin is further supported by the 346 
conceptual model of slope sedimentation on glacier-influenced continental margin of Dowdeswell et al. (1998; 347 
their Fig. 25; Dowdeswell et al., 1996; Pope et al., 2018). The elements constraining the model are the 348 
proximity of the ice sheet/stream to the shelf edge, the sediment input and the type of sedimentary products. A 349 
glacier-influenced margin is divided in three types: i) sediment starved margin, characterized by an ice sheet not 350 
reaching the shelf edge, low sediment input and the formation of submarine channels; ii) inter-fan area, 351 




































































transport deposits; iii) Trough Mouth Fan (TMF), characterized by an ice-stream reaching the shelf edge, the 353 
highest sediment input and the formation of debris flow deposits. Although the INBIS Channel System is 354 
located in an inter-fan area, where the inter-ice stream part of the ice sheet could potentially reach the shelf 355 
edge, the slope is not characterized by landslide scars or landslide deposits, which are distinctive characteristics 356 
of the slopes in inter-fan area on a glacier-influenced margin (e.g. O’Grady et al., 2002; Pedrosa et al., 2011; 357 
Madrussani et al., 2018). On the contrary, the formation of a submarine channel system is a characteristic of a 358 
sediment starved margin, i.e. a part of the margin where the ice sheet did not reach the shelf edge (e.g. Kaiser 359 
Franz Joseph Fjord, East Greenland, Wilken & Mienert, 2006; Elverhøi et al., 1998). We therefore infer that this 360 
part of the continental margin is a special case of an inter-fan sediment starved area: the reduced amount of 361 
sediment input is to be attributed to the slower-flowing ice not reaching the shelf edge due to the presence of 362 
Bear Island. This hypothesis matches with the updated version of the model of glacier-influenced continental 363 
margin presented by Pope et al. (2018). In this schematic model, channel systems are expected to develop in 364 
between glacial troughs in low sediment input margins (e.g. Fig. 28 in Pope et al., 2018). Another example of 365 
channel formed in a sediment starved margin can be found on the continental slope north of Nordaustlandet 366 
(Svalbard) in front of the Albertini Trough (Fransner et al., 2018). In this part of the margin there is large 367 
accommodation space for sedimentation below the outer Albertini Trough due to down-faulted bedrock. 368 
Therefore, the glacigenic sediments transported by ice streaming through the Albertini Trough accumulated in 369 
the accommodation space of the outer-shelf basin, preventing the formation of a TMF and allowing the 370 
formation of a submarine channel (Fransner et al., 2018). 371 
The Southern area (southern upper reaches and slope) is characterized by smoothed erosive structures that, 372 
according to the morphological analysis, suggest the presence of relict mass transport deposits crossing the 373 
upper slope with a SE-NW orientation (Fig. 7b, 7c). We argue that these mass transport deposits did not 374 
originate on the slope as submarine landslides and they might actually represent glacigenic debris flows 375 
delivered to the southern INBIS Channel System area by the northern fringe of the Bear Island ice stream during 376 
past glacial maxima. The morphological evidences supporting this hypothesis include: a remarkably lower 377 
gradient of the upper slope (about 1° versus up to 5° of the Northern area) that is comparable to the 378 
neighbouring TMF, with deeper location of the gradient change between the upper and middle slope (1100 m 379 
water depth instead than 700 m water depth in the Northern area); the reduced incision depth of the gullies (10 380 
m depth) with respect to the northern area (60 m depth); a reduced number of secondary channels on the middle 381 




































































According to the morphologies observed on the INBIS channel and surrounding areas we infer that such 383 
glacigenic debris flows must have been emplaced on the slope earlier than the Middle Weichselian glaciation. 384 
We argue that the southern channels might have been carved on high-density glacigenic debris flows, resulting 385 
in a less pronounced shape than the channels observed in the Northern area of the INBIS Channel System. 386 
Nevertheless, the channels are clearly marked on the sea floor, whereas on the neighbouring TMF systems, that 387 
received glacigenic debris flows during LGM, the gullies of the upper slope never developed as proper channels 388 
after the LGM (see Pedrosa et al., 2011). 389 
Similar glacial dynamics were possibly responsible for the emplacement of the glacial debris flows observed on 390 
the middle slope of the Northern area of the INBIS Channel System. We infer that glacigenic debris flows from 391 
the Kveithola Trough never reached the upper reaches of the INBIS Channel System (presence of sharp pristine 392 
morphologies), but they only partially invaded the middle slope, burying some of the former channels that 393 
appear less pronounced or almost completely obliterated, as seen on the bathymetry (Fig. 3, 7c). 394 
Beside of the relatively recent glacigenic history of the margin attaining to the present INBIS Channel system, 395 
another hypothesis could explain the formation of a channel system in this inter-TMF area. As a matter of fact, 396 
we cannot exclude the possibility that the initial onset of this channel system pre-dates the beginning of glacial 397 
conditions. This system could in fact have been the deeper extension of a river system associated with the main 398 
sub-aerial relief of Bear Island. The presence of an east-west oriented system of rivers transporting sediments to 399 
the margin of the NW Barents Sea has been previously envisaged for the period preceding about 2 Ma by 400 
Hjelstuen et al (1996). 401 
6 Conclusions 402 
In this paper, we presented a morphological description of the upper slope area of the INBIS Channel System 403 
based on newly acquired bathymetric data. We discussed its genesis and evolution during glacial maxima as 404 
well as at present time, its interactions with the TMF systems and its role in sediment drainage to the deeper 405 
environment on the west Spitsbergen margin. 406 
 We identified 40 V-shaped gullies dissecting the shelf edge that increase in size downslope, merging 407 
with adjacent gullies and evolving into larger U-shaped secondary channels. Secondary channels merge 408 
down slope into the main INBIS Channel due to lateral confinement by the fringes of the Kveithola and 409 




































































 Two morphodynamic areas were distinguished within the INBIS Channel System characterized by 411 
different geological evolution and drainage system: the Northern area representing a special case of 412 
inter-fan, sediment starving margin, and the Southern areas with a more typically inter-fan related 413 
sedimentation. 414 
 The shelf break of the Northern area never experienced the massive arrival of glacigenic debris, 415 
preserving its original morphologies over the past glaciations. Only the middle slope was affected by 416 
the emplacement of glacial debris flows as part of the Kveithola TMF. 417 
 The peculiarity of the continental margin attaining to the INBIS Channel System was attributed to the 418 
formation, during the past glaciations, of slower-flowing ice associated to the presence of the Bear 419 
Island that acts as a pin for the surrounding ice. 420 
 After the onset of glaciations, the system was maintained through time by meltwater release during the 421 
ice sheet retreat/decay, and by the erosive effect of brine and other dense gravity currents presently 422 
forming on the shelf (TS turbidites) as recorded in sub-surface sediment cores. 423 
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Table 1 List of the multibeam systems used by name, acquisition year, cruise, research vessel, operating 668 
frequency and beam number 669 
Fig. 1 a) Map of the Arctic Ocean. The red square indicates the location of Fig. 1 b. b) Map of the NW Barents 670 
Sea based on the International Bathymetric Chart of the Arctic Ocean (IBCAO) (Jakobsson et al., 2012). The 671 
area of study is indicated by a yellow rectangle (Fig. 2). The dashed white line represents the extension of the 672 
Svalbard-Barents-Kara Ice Sheet (SBKIS) during the Last Glacial Maximum (LGM) (Hughes et al., 2016) 673 
Fig. 2 Bathymetric map of the INBIS Channel System area. This map has been produced with all available 674 
multibeam datasets, superimposed onto IBCAO (Jakobsson et al., 2012). The white dotted square marks the 675 
inter-TMF area analysed in this paper (see Fig. 3a and 3b). Red lines highlight the major channels, while the 676 
dashed red lines infer the maximum extension of the upper part area of the system. The dashed pink line 677 
represents the INBIS Channel described by Vorren et al. (1998). The Kveithola and Bear Island TMFs are 678 
depicted by a yellow dashed line. Moraines, between 2 km and 5 km from the shelf edge, represent the outer 679 
shelf limit of grounded slow-moving ice during the LGM (cf. Fig. 7c) 680 
Fig. 3 Slope gradient maps, uninterpreted (a) and interpreted (b) of the parts of INBIS Channel System analysed 681 
in this paper (white dotted square in Fig. 2). The INBIS Channel System is divided into upper reaches (limited 682 
by the dashed yellow line), northern and southern parts (separated by the dashed pink line). Bathymetric 683 
sections in dip directions (A, C, E, G, I, K and M) and in strike directions (B, D, F, H, J, L and N) are depicted 684 
in light blue. Six less visible channels are highlighted with dotted black lines. The main channel is highlighted 685 
by a dashed red line. The location of cores HN17-06BC1, HN17-07BC2 and HN17-08BC3, collected during 686 
High North 17 cruise, are depicted in green, purple and orange respectively 687 
Fig. 4 Photographs, X-radiographs, lithological logs together with graphs of wet bulk density, magnetic 688 
susceptibility, Zr/Rb, Ca/Ti, 210Pbxs and 137Cs of the two box cores recovered in the INBIS Channel System. 689 
Core HN17-07BC2, in a gully on the continental slope, indicates fine-grained turbidites (terrigenous laminations 690 
at the core bottom). Core HN17-08BC3, on the outer shelf, indicates the presence of a high-energy environment 691 
with condensed sequences (lag deposit at the core top) unaffected by depositional gaps 692 
Fig. 5 Bathymetric sections in strike directions (B, D, F, H, J, L and N) of the INBIS Channel System. Location 693 




































































Fig. 6 Bathymetric sections in dip directions (A, C, E, G, I, K and M) of the INBIS Channel System. Location in 695 
Fig. 3. Profile E (located inside the main channel) is twice as long; the orange dashed line indicates the same 696 
point 697 
Fig. 7 Schemes of inferred pre-LGM state (a), LGM state (b) and post-LGM state (c) of the INBIS Channel 698 
System. Green arrows indicate the location and direction of area of fast-moving ice (ice streams, slightly darker 699 
than the rest of the ice sheet). Downslope, the gullies (thin black lines) merge and evolve into channels (thick 700 
black lines). Blue arrows (b) indicate the direction of glacigenic debris flows, forming depositional lobes on 701 
both Kveithola and Bear Island TMF (in yellow). During the ice sheet retreat (c) meltwaters (light blue) flow 702 
downslope past the shelf edge, both in the INBIS Channel System and in the Kveithola and Bear Island TMFs 703 
(in yellow). Meltwaters carve new gullies into the glacigenic debris flow deposits in the southern part of the 704 
INBIS Channel System (pink area) and on the TMFs (see Fig. 7b for comparison). Shelf-edge moraines 705 










































































MB8111 2008/2015 EGLACOM / 
DEGLABAR 
OGS Explora 100 kHz 101 
MB8150 2008 EGLACOM OGS Explora 12 kHz 234 
MB7150 2015 DEGLABAR OGS Explora 12 kHz 880 
EM1002 2013 CORIBAR Maria S. 
Merian 
95 kHz 111 
EM122 2013 CORIBAR Maria S. 
Merian 
12 kHz 432 
EM302 2017 High North 17 NRV Alliance 30 kHz 864 
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